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Amparo à Pesquisa do Estado de São Paulo, and the
Conselho Nacional de Desenvolvimento Cientı́fico
(Instituto do Milênio LBA).

Supporting Online Material
www.sciencemag.org/cgi/content/full/303/5662/1337/
DC1
Materials and Methods
Figs. S1 to S10
References and Notes

11 December 2003; accepted 23 January 2004

REPORTS
Measurement of the Effect of
Amazon Smoke on Inhibition of

Cloud Formation
Ilan Koren,1,2* Yoram J. Kaufman,1 Lorraine A. Remer,1

Jose V. Martins1,3

Urban air pollution and smoke from fires have been modeled to reduce cloud
formation by absorbing sunlight, thereby cooling the surface and heating the
atmosphere. Satellite data over the Amazon region during the biomass burning
season showed that scattered cumulus cloud cover was reduced from 38% in
clean conditions to 0% for heavy smoke (optical depth of 1.3). This response
to the smoke radiative effect reverses the regional smoke instantaneous forcing
of climate from –28 watts per square meter in cloud-free conditions to �8
watts per square meter once the reduction of cloud cover is accounted for.

The net effect of aerosols on the atmospheric
radiation budget and climate constitutes the
greatest uncertainty in attempts to model and
predict climate (1). Aerosols can counteract
regional greenhouse warming by reflecting
solar radiation to space or by enhancing cloud
reflectance (2) or lifetime (3, 4). However,
aerosol absorption of sunlight is hypothesized
to slow down the hydrological cycle and
influence climate in ways not matched by the
greenhouse effects (5, 6). During periods of
heavy aerosol concentration over the Indian
Ocean (7) and Amazon basin (8), for exam-

ple, measurements have revealed that absorb-
ing aerosols warmed the lowest 2 to 4 km of
the atmosphere while reducing by 15% the
amount of sunlight reaching the surface.

Less irradiation of the surface means less
evaporation from vegetation and water bodies,
and (unless the smoke is concentrated near the
surface only) a more stable and drier atmo-
sphere, and consequently less cloud formation.
This effect was defined theoretically as a posi-
tive feedback to aerosol absorption of sunlight
(9) and was termed the semi-direct effect. A
similar process, defined as cloud burning by
soot, in which solar heating by the aerosol reach-
es its maximum near the top of the boundary
layer, thereby stabilizing the boundary layer and
suppressing convection, has been described (10).
These cloud simulations were based on aerosol
observations of INDOEX (Indian Ocean Exper-
iment) (11) and focused mainly on the amplifi-
cation of daytime clearing due to aerosol heating.

Reduction of evaporation from the Mediterra-
nean Sea by pollution from northern and eastern
Europe was modeled to reduce cloud formation
and precipitation over the Mediterranean region
(12), in general agreement with measurements
(13). However, warming of the atmosphere
by similar widespread pollution aerosol over
southeastern China was modeled to cause up-
lift of the polluted air mass over an area of 10
million km2, which then was replaced by cool-
er moist air from the nearby Pacific Ocean,
causing an increase in precipitation and flood-
ing that fits observations from this region in
recent years (14).

Here, using data from the MODIS-Aqua
space instrument, we report measurements of
the effect of smoke on cloud formation over
the Amazon basin during the dry season
(August–September) of 2002—namely, the
reduction of the fraction of scattered cumulus
clouds with the increase in smoke col-
umn concentration.

The area is under the influence of a re-
gional high-pressure zone above a surface
boundary layer and is associated with lower
precipitation, land clearing, and biomass
burning. The moisture source for the cloud
formation and precipitation in the region is
water vapor evaporated locally through plant
evapotranspiration and moisture transported
from the Atlantic Ocean (15), each responsi-
ble for half of the moisture that falls as
precipitation. Easterly winds carry the mois-
ture from the Atlantic Ocean throughout the
Amazon basin until they reach the barrier of
the Andes, where they decrease in velocity
and veer either north or south (16) (Fig. 1).

The scattered cumulus clouds (also called
boundary layer clouds) emerge regularly in
the morning over the eastern shore. By local
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noon they cover large parts of the Amazon
basin. The cloud diameter is on average 2 to
3 km, with average reflectance of 0.35 in the
visible part of the solar spectrum. The clouds
are sensitive to the surface properties and
seldom form directly above the Amazon Riv-
er. The stable meteorological conditions and
the regular behavior of the clouds in the
absence of smoke create an ideal case to
study the impact of aerosol from biomass
burning on cloud formation. Satellite images
of the absence of clouds in smoky regions
and differences between morning and after-
noon are shown in Fig. 2. In the afternoon,
clouds uniformly cover the region of the Am-
azon forest that is not filled with high con-
centrations of smoke.

To estimate the effect of smoke on cloud
coverage and the “semi-direct” forcing on
climate, we measured the cloud fraction as a
function of the smoke optical depth (OD) in
the cloud vicinity (17). To isolate the effect
of smoke on cloud fraction, it is necessary to
minimize any residual influences of synoptic
conditions (wind, humidity) and variation of
surface cover. Therefore, the following re-
strictions on the satellite data were used in the
analysis: (i) Data are analyzed only from the
MODIS-Aqua platform at 13:30 local time
(�15 min) over the Amazon basin, when the
scattered cumulus fields are well developed
and cover more then 85% of the forest. (ii)
The area of interest was restricted to the
Amazon basin between 8°N and 12°S and
between 44° and 76°W, but only with forest
background coverage. (iii) For comparison
we analyzed the western part of the area
(Andes to Manaus on the east) separately
from the eastern part (the low Amazon, Man-
aus to the east coast). (iv) Wind field maps of
the area at three different pressure levels
(near ground, 925 mbar, 850 mbar, and 700
mbar) at 14:00 local time [NOAA National
Centers for Environmental Prediction (18)]
were used to filter out cases with nonstandard
wind flow patterns. Of 200 Aqua images, 50
granules, with minimum area of �20,000
km2 each, met the above restrictions and were
analyzed.

Clouds were detected and separated from
smoke by their high local spatial variability
and brightness reflectance (19). Size and spa-
tial variability were then used to classify
between the small scattered cumulus and oth-
er types of clouds. The smoke ODs were
calculated by the MODIS (20) algorithm in
the noncloudy area.

The spatially smooth OD field was divid-
ed into 100 steps and used to generate a
histogram of cloud fraction (Fig. 3). The
cloud fraction decreases continuously as a
function of smoke OD. The small differenc-
es between the eastern and western regions
may result from the differences in the av-
erage elevation, distance from the ocean,

and weaker winds in the west. The eastern
and western regions show similar results.
On average, the cloud fraction decreases by
50% for OD � 0.6.

What is the effect of the reduction in
cloud cover on the regional energy balance?
To estimate the semi-direct effect on the cli-

mate forcing, we used the one-dimensional
radiation transfer model (21, 22) to model the
spectrally integrated radiative flux diver-
gence in the smoky atmosphere. The inputs
for the model were profiles of temperature,
humidity, atmospheric gases, clouds, and
aerosol in the tropical atmosphere. The cloud

Fig. 1. A wind map
(pressure level, 850
mbar) superimposed
on a corresponding
map showing the ex-
tent of the Amazon
rainforest in green.

Fig. 2. Terra and Aqua satellite images of the east Amazon basin, 11 August 2002. (A) The clouds
(Terra, 10:00 local time) are beginning to form. (B) The clouds (Aqua, 13:00 local time) are fully
developed and cover the whole Amazon forest except for the smoke area. The boundary between
forest and Cerrado region is marked in white on both images, and the seashore is marked in green.
Note that the Amazon River and tributaries are a cloud-free area.
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properties were taken from MODIS cloud
measurements with average optical depth of
8, and elevation of 760 mbar (�2.3 km),
situated above the smoke layer.

The modeled results for the warming ef-
fect of smoke absorption with and without

clouds are shown in Fig. 4. Without clouds,
the heating of the layer (°C/day) increases
monotonically with the smoke OD, with
maximum heating occurring at the top of the
smoke layer. In the presence of a mix of
smoke and clouds according to the propor-

tions in Fig. 3, the strong longwave cooling at
the top of the clouds is gradually replaced by
warming of the smoke layer as the OD grows
and the clouds are eliminated. As the smoke
layer becomes warmer (relative to the sur-
face) as a result of the smoke absorption and
scattering, the whole layer between top of the
smoke and surface becomes more stable.

Next, we calculated the radiative forcing
at the top of the atmosphere (TOA). Radia-
tive forcing is defined as the change in the
radiation balance with and without the forc-
ing element (1). In this study the forcing
element is the radiative effect of the smoke
and of the reduction in the cloud cover. Ra-
diative forcing is, in this case, the difference
in the reflected radiative flux at TOA be-
tween the background conditions (OD � 0.1)
and a given value of OD. A negative forcing
at TOA corresponds to cooling of Earth’s
atmosphere and surface system, and positive
forcing corresponds to warming. The black
line in Fig. 5 represents the forcing in the
solar spectrum (shortwave) due to the reduc-
tion in the cloud cover, from 38% for back-
ground aerosol to almost zero at OD of 1.3.
Reduction in the cloud coverage reduces the
reflection of the solar flux at TOA—a posi-
tive forcing. Smoke reflectance (red curve)
generates negative forcing. As the cloud frac-
tion decreases, the infrared (IR) trapping by
the clouds decreases, resulting in a longwave
radiative cooling effect (light blue curve).
The overall cooling effect of the longwave
part of the spectrum is less than 10% of the
warming in the shortwave part.

The combined radiative effect of clouds
and smoke in the solar and IR parts of the
spectrum is shown by the dark blue curve in
Fig. 5. The dominant forcing for OD � 1.3 is
the reduction in the cloud fraction, partly
balanced by the increase in the smoke reflec-
tance. Above this OD there are no clouds left
and the only forcing is due to smoke, causing
a reversal in the trend of the forcing. The total
forcing Ft can be expressed as

Ft � (Fcs � Fcir) � cf � Fs � (1 – cf ) �

(Fs � cf � trc
2) (1)

where Fcs is the cloud forcing in the solar part
of the spectrum, Fcir is the cloud forcing in
the IR, cf is the cloud fraction (hence 1 – cf
is the cloud-free area), and Fs is the con-
tribution of the smoke forcing. The last
term is the contribution of transmission of
the smoke forcing through the clouds on a
two-way path (trc

2).
The overall radiative forcing of the semi-

direct effect in the area is the integral of the
combined forcing, Ft, on OD, weighted by
the occurrence of that OD from Fig. 3. The
estimated instantaneous forcing for aerosol
single scattering albedo (SSA) of 0.91 (mean-
ing that 9% of the aerosol interaction with

Fig. 3. Cloud fraction as func-
tion of aerosol optical depth
(OD), a measure of the ex-
tinction of a beam of light
when it passes through a col-
umn of atmosphere. The
cloud fraction decreases al-
most linearly with increasing
OD. The red and blue curves
denote the average of 23
granules in the east and 27
granules in the west of the
Amazon, respectively. The es-
timated error for each point
appears as error bars. On av-
erage, the cloud fraction de-
creases to less than 1/8 of
the cloud fraction in clean
conditions when OD � 1.
The differences between
western and eastern areas may be due to differences in local conditions (altitude, wind velocity).
The shaded area represents the relative area covered by the respective OD, with the integral of this
curve equal to 1, representing the total Amazon basin.

Fig. 4. Heating profiles for smoke optical depth of 0, 0.5, 1.0, and 2.0. Smoke single scattering
albedo is 0.91. (A) Smoke only with no clouds. (B) Smoke with cloud fraction as found in analysis
of Aqua observations.

Fig. 5. Radiative forcing at
the top of the atmosphere as
a function of the smoke op-
tical depth. The slope breaks
near optical depth � 1.3
when the cloud fraction ap-
proaches zero. The black, red,
and light blue lines represent
the forcing in the solar spec-
trum (shortwave) due to the
reduction in the cloud cover,
the smoke negative forcing,
and longwave radiative cool-
ing, respectively. The com-
bined radiative effect is
shown by the dark blue curve.
The magenta circles are a re-
production of the combined
smoke and cloud effect using
a weighted combination of
the black and red curves
(with the use of Eq. 1).
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light results in absorption) (23) is 8 W/m2,
composed of smoke negative forcing of –28
W/m2 and cloud reduction positive forcing of
�22 W/m2. The sensitivity of the forcing to
the value of SSA is linear. For SSA � 0.88,
the forcing increases to 13 W/m2; for SSA �
0.94, the forcing decreases to 3 W/m2.

The 24-hour average forcing is estimated
on the basis of observations (Fig. 1) that the
lifetime of the boundary layer cloud fields is
4 � 2 afternoon hours, shorter than the du-
ration of the smoke (10 � 2 hours). There-
fore, the 24-hour average of combined
clouds and smoke forcing is –5.5 � 2
W/m2, instead of forcing of smoke only of
–11.5 � 2 W/m2. Inclusion of the smoke
semi-direct effect reduces to less than half
the 24-hour average forcing from previous
estimates (24, 25) and converts the instan-
taneous forcing in the afternoon to positive
forcing (warming) rather than negative
forcing (cooling) for the smoke alone.

The proposed mechanism for the smoke
reduction of cloud fraction can be described
as a combination of a few dependent feed-
back processes. The first is the direct aerosol
effect on stabilizing the boundary layer by
heating of the aerosol layer and cooling of the
surface caused by the aerosol scattering and
absorption (shading the surface from solar
flux). This process by itself reduces the con-
vectivity and boundary layer cloud forma-
tion. Second, reduction of solar flux reaching
the canopy tends to decrease evapotranspira-
tion and the moisture input to the atmosphere
(26). The small amount of moisture released
by evapotranspiration in smoky conditions
remains near the canopy because of de-
creased turbulent fluxes within the boundary
layer. Third, because of the heating of the
aerosol layer by absorption, the capacity of
the layer to hold water vapor increases and
there is less likelihood to reach supersatura-
tion and form clouds. The fourth process is
the competition for water vapor by the ex-
tremely high concentrations of particles that
share the condensed water and keep the layer
from reaching supersaturation (27, 28). De-
tailed descriptions of the aerosol effects and
feedbacks are given in (29).

Analysis of satellite data has documented
the relationship between heavy aerosol and
the formation of scattered cumulus clouds.
Possible effects on deeper convection have so
far been ignored. Even though the smoke
aerosol in the Amazon absorbs light one-
tenth as much as it scatters light, the absorp-
tion is enough to heat the atmosphere by 2° to
4°C per day and to change the energy balance
between the surface and the atmosphere in a
way that stabilizes the boundary layer. How-
ever, for a neutral atmosphere, stabilizing one
layer of the atmosphere destabilizes the layer
above it. If the humidity can penetrate the
inversion at the top of the smoke layer, then

it will reach a very unstable layer, creating
larger deep convective clouds (30). Such
clouds can be observed sporadically in the
satellite images, but with no correlation to the
presence of the smoke. Our results show that
smoke, instead of cooling the climate, warms
it in the afternoon hours when the scattered
cumulus clouds can form. The 24-hour forc-
ing reduces the net forcing to –5.5 � 2 W/m2,
less than half of net forcing from smoke
alone. The reduction in cloud fraction by
absorbing aerosol may be an important mech-
anism to explain why Earth warmed substan-
tially in the last century despite the expected
aerosol cooling effect.
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Laser Guide Star Adaptive Optics
Imaging Polarimetry of Herbig

Ae/Be Stars
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We have used laser guide star adaptive optics and a near-infrared dual-channel
imaging polarimeter to observe light scattered in the circumstellar environment
of Herbig Ae/Be stars on scales of 100 to 300 astronomical units. We revealed
a strongly polarized, biconical nebula 10 arc seconds (6000 astronomical units)
in diameter around the star LkH� 198 and also observed a polarized jet-like
feature associated with the deeply embedded source LkH� 198-IR. The star
LkH� 233 presents a narrow, unpolarized dark lane consistent with an optically
thick circumstellar disk blocking our direct view of the star. These data show
that the lower-mass T Tauri and intermediate mass Herbig Ae/Be stars share
a common evolutionary sequence.

Diffraction-limited optical and infrared astrono-
my from the ground requires adaptive optics
(AO) compensation to eliminate atmospheric
wavefront disturbances. Bright stars may be used
as wavefront references for this correction, but
most astronomical targets lack nearby guide

stars. AO observations of these targets from the
ground can only be accomplished with the use of
artificial laser guide stars (LGS) (1).

Herbig Ae/Be stars are young stars with
masses between 1.5 and 10 times that of the
sun; they are the intermediate-mass counter-
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